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Understanding changes in the tropical circulation under global warming using a cloud
resolving model and a conceptual model
Sramana Neogi,a,b and Martin S. Singha,b
a
b

School of Earth, Atmosphere and Environment, Monash University, Victoria, Australia
ARC Centre of Excellence for Climate Extremes, Monash University, Victoria, Australia

ABSTRACT: A cloud-resolving model (CRM) is used to investigate how a prototype tropical circulation driven by a sea-surface temperature
(SST) contrast changes in a warmer climate. The CRM is used to simulate a region of the atmosphere with a positive SST anomaly, and
it is coupled to the large-scale circulation using the weak temperature gradient and damped gravity wave parameterizations. In both cases,
the large-scale vertical velocity within the domain is related to the difference between the simulated density profile and a reference profile
representative of the tropical mean state. The behavior of the circulation in response to an increase in SST of both the domain and reference
state (i.e., uniform warming) is examined. While the vertical velocity shows an increase in its maximum strength with warming, its value in
the lower to mid-troposphere decreases with increasing SST. This decrease has important consequences for precipitation changes due to the
concentration of moisture in the lower troposphere. In order to understand these results, a simple model for the thermodynamic structure of
a convecting atmosphere based on a bulk entraining plume is employed. The model uses a fixed entrainment rate and the simulated relative
humidity profiles to predict the temperature profiles of the domain and reference state. The vertical velocity profiles calculated from these
predicted temperature profiles reproduce important aspects of those simulated with the CRM. This simple modeling framework reveals
that entrainment is crucial to understand the dynamic response of precipitation to warming, providing a stepping-stone to understanding
the factors driving changes to the tropical precipitation distribution in a future warmer climate.

gins due to advection of dry air from subsidence regions.
The work of Chou and Neelin (2004) and a number of more
recent studies (Chou et al. 2009; Levine and Boos 2016;
Wills et al. 2017) apply a simplified representation of tropical dynamics in which the vertical velocity is assumed to
follow a first-baroclinic mode structure. However, observational estimates of tropical vertical velocities differ from
this simple structure; Back and Bretherton (2006) argued
that the large-scale tropical overturning could be better represented through a combination of two modes with top- and
bottom-heavy vertical motion profiles, respectively (Back
and Bretherton 2009; Duffy et al. 2020).
An alternate approach is to focus on the role of surface conditions in driving large-scale circulations. In the
tropics, the smallness of the Coriolis parameter prevents
strong horizontal density gradients from being maintained
(Charney 1963). This is the basis for the weak temperature
gradient (WTG) approximation, which has been widely
applied in modeling and theoretical studies of the tropical atmosphere (e.g., Sobel and Bretherton 2000; Sobel
et al. 2001; Raymond and Zeng 2005). The WTG approximation combined with the assumption of convective
quasi-equilibrium (QE), which suggests that precipitating
regions of the tropics are constrained to remain close to
moist convective neutrality, together imply that precipitation over tropical oceans is a strong function of surface
temperature (Neelin and Held 1987). This has led some
authors to argue that regional precipitation changes in the
tropics may be understood using a "warmer-gets-wetter"
paradigm, in which the relative change of precipitation

1. Introduction
Differences in projections of regional precipitation
among climate models have been the focus of a number
of studies. A useful framework is to divide changes to regional precipitation in response to warming into two main
components: a component associated with changes in atmospheric moisture content (the thermodynamic component; Held and Soden 2006; Chou and Neelin 2004) and a
component associated with changes in circulation patterns
(the dynamic component; e.g., Seager et al. 2010; Xie et al.
2015). While the thermodynamic component leads to a robust acceleration of the hydrological cycle under warming
by enhancing the climatological pattern of precipitation
minus evaporation (the “wet-gets-wetter” response; Held
and Soden 2006), regional precipitation projections are
dominated by changes owing to the dynamic component,
which is strongly model dependent (Chadwick et al. 2013).
Previous authors have developed theories to help untangle the factors controlling the dynamic response of
tropical precipitation to warming. For example, Chou
and Neelin (2004) argued that a reduction in gross
moist stability driven by increased low-level moisture
could provide a dynamic amplification of the thermodynamic component. They termed this combined dynamicthermodynamic mechanism the “rich-get-richer” response.
The authors also introduced an "upped-ante" mechanism,
which tends to suppress precipitation in the convective mar-
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with warming is positive where the increase in SST exceeds that of the tropical mean (Xie et al. 2010; Ma et al.
2012; Xie et al. 2015). Over land regions, changes in
humidity as well as temperature are important, but similar
arguments may be applied (Lambert et al. 2017; Todd et al.
2018).
In this paper, we aim to understand one component of
the complex coupling between precipitation, SST patterns,
and circulation changes. Specifically we investigate how
a prototype tropical circulation driven by an SST contrast
is affected by uniform warming. We use a simple modelling approach in which a cloud-resolving model (CRM)
is coupled to a parameterized large-scale circulation using
techniques based on the WTG approximation. The CRM
domain is taken to be the ascending branch of the circulation, and the profile of large-scale ascent is determined
based on the difference in the thermodynamic profile of
the domain and that of a reference state representing the
tropical mean. Two parameterizations are applied: the
WTG parameterization proposed by Sobel and Bretherton
(2000), in which large-scale ascent is assumed to relax
the atmosphere toward the reference state, and the damped
gravity wave (DGW) parameterization, in which the largescale dynamics is simplified to a gravity wave with a single
horizontal wave number (Kuang 2008a).
Previous studies using the WTG and DGW parameterizations have examined how the large-scale circulation
responds to changes in local thermodynamic conditions
such as the local SST, moisture, and windspeed within
the ascending branch (Wang and Sobel 2011; Raymond
and Zeng 2005; Daleu et al. 2017). Here, we examine
changes in the circulation due to increases in the SST of
the tropical-mean reference state in order to understand
how the parameterized large-scale circulation behaves in a
global warming scenario. A recent study by Saint-Lu et al.
(2020) used a similar WTG approach to decompose the
changes in precipitation in future GCM projections using
a single-column model. Here we use a cloud-resolving
approach, and we focus on understanding the fundamental
interactions between convection and the large-scale circulation under warming.
In order to understand the changes in the parameterized large-scale circulation in the CRM, we apply a simple
conceptual model for the temperature structure of the atmosphere introduced by Singh and O’Gorman (2013) and
based on the assumption that convection maintains a lapse
rate that is neutrally buoyant with respect to an entraining plume. According to this zero-buoyancy plume (ZBP)
model, the effect of entrainment causes the ascent region to
be more stable than the tropical-mean reference state, and
this affects the vertical profile of the parameterized largescale circulation. In particular, we find that entrainment
causes the profile of vertical motion to become increasingly
top-heavy with increasing SST, contributing to a dynamic
weakening of precipitation within the ascent region under

warming. The model therefore provides a framework for
understanding how details of convective mixing influence
the large-scale circulation and its changes in a warming
climate.
We begin by describing the CRM formulation, the implementation of the WTG and DGW parameterizations,
and the results for precipitation and large-scale circulation
(section 2). We then introduce the conceptual ZBP model
and apply it to understand the simulations (section 3). Finally, we present a summary and our conclusions (section
4).
2. Cloud Resolving Model Simulations
a. Model Specification
We conduct a series of simulations of the ascending
branch of a steady large-scale circulation in the tropics using a cloud-resolving model, the System for Atmospheric
Modeling (SAM; Khairoutdinov and Randall 2003). SAM
solves the anelastic equations of motion, where the prognostic variables used are the three components of the vector
velocity, liquid/ice static energy, and total precipitating and
non-precipitating water. Prognostic scalars are advected
using the positive-definite scheme of Smolarkiewicz and
Grabowski (1990). Radiation is parameterized using the
Rapid Radiative Transfer Model (RRTM; Clough et al.
2005) and a single moment microphysics scheme is used
which treats hydrometeor partitioning as a function of temperature. Sub-grid scale turbulence is parameterized using
a 1.5 order closure for turbulence kinetic energy.
We have prescribed a doubly periodic domain of 96 km
× 96 km with a horizontal grid spacing of 1 km. The
vertical column is divided into 74 levels with an uneven
spacing of 75 m near the surface and an even spacing of 500
m from 3 km to the model top, set at 33 km. Newtonian
damping is applied in the top one-third of the model to
prevent reflection of gravity waves. We have turned off the
diurnal and seasonal cycle in the model and imposed a solar
insolation of 551.58 W m−2 at the top of the atmosphere
at a zenith angle of 42.05°. A lower boundary condition
of uniform sea-surface temperature (SST) is imposed and
surface turbulent fluxes are estimated using Monin-Obukov
similarity theory. The simulations are run for 100 days
with a time step of 10 s and we have taken the last 50 days
for analysis, after the model reaches a statistically steady
state. All simulations are run with no rotation (Coriolis
parameter 𝑓 = 0).
b. Supra-domain scale parameterizations
To couple the model to the large-scale circulation, we apply a set of methods referred to by Romps (2012) as supradomain scale (SDS) parameterizations. Two such methods
are employed: the weak temperature gradient (WTG; Sobel and Bretherton 2000; Wang and Sobel 2011; Raymond
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and Zeng 2005) and damped gravity wave (DGW; Kuang
2008a) parameterizations. These parameterizations estimate the effects of the large-scale circulation using the fact
that, in the tropics, the smallness of the Coriolis parameter prevents strong horizontal density gradients from being
maintained in the troposphere (Charney 1963; Sobel and
Bretherton 2000). Specifically, the profile of large-scale
ascent is calculated by requiring that the modelled temperature (WTG) or pressure (DGW) profile remains close to
that of a reference state representative of the tropical mean.
Our implementation of the WTG and DGW parameterizations is similar to previous CRM studies (Daleu et al. 2015;
Raymond and Zeng 2005; Wang and Sobel 2011); a brief
description of both the schemes is presented below.
1) Weak temperature gradient (WTG) parameterization
The WTG parameterization has several different formulations: the strict WTG method (Sobel and Bretherton 2000), the relaxed WTG method (Raymond and Zeng
2005) and the more recent spectral WTG method (Herman
and Raymond 2014). In this paper, we follow a similar
implementation to the relaxed WTG method proposed by
Raymond and Zeng (2005). This method assumes that the
large-scale circulation acts to relax the horizontal-mean
temperature profile of the model domain to a specified
reference state. Specifically, the domain-mean vertical velocity 𝑤(𝑧) as a function of height 𝑧 is given by
!


𝑧 − 𝑧𝑏
𝑇 − 𝑇ref
𝑤(𝑧) = sin 𝜋
,
(1)
𝑧 𝑡 − 𝑧 𝑏 𝜏WTG 𝜕𝑧 𝑠
where 𝑇 and 𝑇ref are the temperature and the temperature of the reference state, respectively, 𝑧 𝑡 is the tropopause
height, 𝑧 𝑏 is the height of the boundary layer, 𝜕𝑧 𝑠 is the
vertical gradient of dry static energy 𝑠 = 𝑐 𝑝 𝑇 + 𝑔𝑧, with 𝑐 𝑝
the isobaric specific heat capacity and 𝑔 the gravitational
acceleration, and the overbars indicate domain-mean quantities. Following Raymond and Zeng (2005); Wang and
Sobel (2011); Daleu et al. (2015), we set the timescale of
relaxation 𝜏WTG = 3 h.
According to Sobel and Bretherton (2000), the WTG
approximation is invalid in the boundary layer, where turbulent fluxes develop buoyancy anomalies at a faster rate
than the gravity waves can act to redistribute them. We
therefore apply (1) in the free troposphere, between the
top of the boundary layer 𝑧 𝑏 = 1 km and the tropopause
𝑧 𝑡 . Here 𝑧 𝑡 is defined as the level at which the lapse rate
Γ = −𝜕𝑧 𝑇 is equal to 2 K km−1 . Within the boundary layer,
the vertical velocity is interpolated from its value at 𝑧 𝑏 to
zero at the surface. Above the tropopause 𝑧 𝑡 , 𝑤 is set to
zero. Further, we follow Raymond and Zeng (2005) in
incorporating a height dependency to the efficiency with
which the tropospheric relaxation occurs, represented by

the sine function in (1), with the relaxation being most efficient in the mid-troposphere. Finally, in order to prevent
unrealistically large values of 𝑤 in the upper troposphere,
the static stability is capped at 1 K km−1 , i.e., the value
of 𝜕𝑧 𝑠 in (1) is not allowed to decrease below 1 K km−1
(Daleu et al. 2015; Raymond and Zeng 2005).
2) Damped gravity wave (DGW) parameterization
The DGW parameterization, originally formulated by
Kuang (2008a), calculates the domain-mean vertical velocity by assuming that convection within the column interacts
with a large-scale gravity wave with a single wavenumber
𝑘. Using equations for momentum, continuity and hydrostatic balance under the anelastic approximation, Kuang
(2008a) derived an evolution equation for the domainmean vertical velocity under such conditions in terms of
the domain-mean virtual temperature profile 𝑇 𝑣 (𝑧) and the
virtual temperature profile of a reference state 𝑇𝑣 ,ref (𝑧),
representative of the tropical mean. Here, we are interested in the steady-state case, and we may therefore write
the equation governing the domain-mean vertical velocity
as


𝑇 𝑣 − 𝑇𝑣,ref
1 𝜕 (𝜌 𝑤)
𝜕
= −𝑘 2 𝜌𝑔
,
(2)
𝜕𝑧 𝜏DGW 𝜕𝑧
𝑇𝑣,ref
where 𝜏DGW is a mechanical damping timescale, 𝑘 is the
wave number of the gravity wave, and 𝜌(𝑧) is the domainmean density profile. Following the work of Wang et al.
(2013) and Daleu et al. (2015), we set 𝜏WTG = 1 day and 𝑘 =
10−6 m-1 . Equation (2) is solved using Thomas’ triangular
matrix method with the boundary conditions of 𝑤 = 0 m
s-1 at the surface and at the upper boundary 𝑧 𝑢 which we
set to 20 km. Above 𝑧 𝑢 , 𝑤 is set to zero.
c. Simulations coupled to the large-scale circulation
To apply the SDS parameterizations described above,
we must define the reference state temperature and virtual temperature profiles. To do so, we run the model
to radiative-convective equilibrium (RCE) at a fixed SST.
In RCE, the domain-mean vertical velocity 𝑤(𝑧) = 0, and
the simulation develops a steady state in which radiative
cooling balances convective heating. The domain- and
time-mean temperature and virtual temperature profiles
from this RCE simulation are used as the reference state.
The model is then coupled to the SDS parameterization
schemes described above (WTG or DGW) and the simulation is reinitalized from the reference state and with
an increased SST. The parameterized large-scale vertical
velocity 𝑤(𝑧) advects water vapor and liquid/ice static energy vertically, introducing new sources and sinks in the
model’s moisture and energy budgets. This is incorporated
by modifying the prognostic water vapor and thermodynamic equations at each time step to include an additional
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term as follows:

DGW

WTG

a

b

(3)
(4)

where, 𝑞 is the specific humidity and ℎ is the liquid/ice
static energy. Here, horizontal moisture advection (termed
lateral advection by Raymond and Zeng 2005) into the
domain from its surroundings has been neglected.
Since the reference state represents the tropical mean,
we refer to the SST of the RCE simulations used to calculate the reference state as the background SST, while the
difference between the SST imposed in the WTG/DGW
simulations and that of the reference state is referred to
as the relative SST (Wang and Sobel 2011). On physical
grounds, we expect positive relative SSTs to correspond
to large-scale ascent, and we therefore refer to the domain
simulated by the WTG and DGW simulations as the ascent
region. Our aim is to understand how the character of this
large-scale ascending circulation varies with both relative
and background SST.
We conduct a set of RCE simulations at 5 different background SSTs from 296–304 K in steps of 2 K. For each
background SST, we consider 4 different relative SSTs,
from 0–1.5 K in steps of 0.5 K. An increase in the background SST is analogous to the effects of global warming,
while an increase in the relative SST is analogous to an
enhancement of the existing SST pattern. Several studies
have examined the vertical velocity structures with changing relative SST (e.g., Wang and Sobel 2011). Here we
emphasize the changes in vertical velocity structures with
increasing background SST and their implications for precipitation within the ascent region.
d. Results
1) Parameterized vertical velocity
Figure 1 shows the parameterized large-scale vertical
velocity profiles at different relative SSTs (0, 0.5, 1, and 1.5
K) at a background SST of 300 K. For a relative SST of 0 K,
the SST is equal to that of the background reference state,
and we would expect no large-scale circulation [Edman and
Romps (2015) termed such cases “self-consistency tests"].
Indeed, for zero relative SST, the parameterized vertical
velocity is small at all heights, suggesting that our RCE
state is stable and provides a reasonable reference state.
For positive relative SSTs, the vertical velocity profile is
positive through most of the troposphere, and its magnitude
increases with increasing relative SST. Furthermore, in
both the WTG and DGW cases, the parameterized vertical
velocity profiles are top-heavy, with maxima at about 9 km
above which they gradually decrease to zero at about 14km.
Similar results were seen in previous studies applying SDS
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Fig. 1. Parameterized large-scale vertical velocity profiles 𝑤 (𝑧) at
different relative SSTs (0 K, 0.5 K, 1 K, 1.5 K) at fixed background SST
of 300 K in (a) DGW & (b) WTG simulations.

parametrizations (Wang and Sobel 2011; Raymond and
Zeng 2005; Daleu et al. 2015), while such top-heavy profiles were described by Back and Bretherton (2006) as
characteristic of the vertical velocity profiles seen in the
west-Pacific warm pool region. Note that, in the WTG
case, the tropopause was set at 14km for a background
SST of 300 K, and the vertical velocity is set to zero above
this level. The DGW simulations show similar behaviour
in the upper tropopsphere even though the DGW parameterization is applied up to the level 𝑧𝑢 = 20 km.
In order to explore how the large-scale circulation
changes in response to uniform global warming, we compare the parameterized vertical velocity profiles for simulations at different background SSTs while keeping the
relative SST fixed. Since the results are qualitatively similar for different relative SSTs, we focus on the case with
a relative SST of 1 K (Fig. 2). As the background SST
increases, the parameterized vertical velocity profiles become increasingly top-heavy, with the profile of the vertical velocity essentially shifting upwards. These changes in
shape can be seen more clearly by normalizing each profile
by its maximum value (Fig. 2c & d). This upward-shift
behaviour is different to that seen in Fig. 1, where the
shape of the vertical velocity profiles remain unchanged as
the relative SST is increased. Wang and Sobel (2011) also
observed relatively weak differences in the shape of the vertical velocity profile in their study of WTG-parameterized
circulations at different relative SSTs. The increase in the
top-heaviness of the 𝑤(𝑧) profiles is thus a response of parameterized large-scale circulations to warming of the ascent region and reference state together (uniform warming)
rather than a response to increases in relative SST (localized warming). Similar extensions of the vertical velocity
profile have previously been attributed to a deeper troposphere as a result of warmer surface conditions (Tompkins
and Craig 1999; Singh and O’Gorman 2012).
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Fig. 2. Profiles of (a,b) parameterized large-scale vertical velocity
𝑤 (𝑧) and (c,d) vertical velocity normalized by its maximum value at
different background SSTs as labelled in (a) with fixed relative SST of 1
K in DGW (left) & WTG (right) simulations.

In addition to an upward shift, the magnitude of the maximum vertical velocity also increases as the background
SST is increased. In combination, these effects lead to an
increase in 𝑤(𝑧) in the upper troposphere, but a decrease in
the lower to middle troposphere in response to increasing
background SST. As we shall see below, the magnitude
of 𝑤(𝑧) in the lower troposphere is particularly important
for determining the domain-mean precipitation rate in the
simulations.
2) Net surface precipitation (𝑃 − 𝐸)
Changes in the large-scale circulation under warming
lead to a "dynamic" contribution to precipitation changes
in the tropics. To examine this in the context of our simulations, we performed a decomposition of the moisture budget equation to express the changes to the net precipitation
rate, given by the domain-mean precipitation minus evaporation, into thermodynamic and dynamic components.
Similar decompositions have been performed by a number
of studies with slight differences in methodology depending on the application (e.g., Seager et al. 2010; Ma et al.
2012; Chou and Neelin 2004).
Integrating the moisture budget equation vertically and
averaging over the model domain, we may relate the surface precipitation 𝑃 and surface evaporation 𝐸 to the vertical advection of specific humidity 𝑞 by the parameterized
large-scale circulation,

Fig. 3. Fractional rate of change in net precipitation ( 𝑃 − 𝐸) with
increasing background SST (blue) broken into thermodynamic (green)
and dynamic (yellow) components in (a) DGW and (b) WTG simulations. Rates are estimated by taking differences between simulations
with backrgound SSTs as labelled and simulations with background SSTs
2 K higher, all at a fixed relative SST of 1 K..



𝜕𝑞
(𝑃 − 𝐸) = − 𝑤
,
𝜕𝑧

(5)

where h𝑋i indicates a mass-weighted integration over the
whole column, and as before, the overbar refers to a domain mean. Here (𝑃 − 𝐸) gives the net precipitation at the
surface averaged over the model domain. Taking the differential of both sides of (5) and dividing by (5) allows us
to write an approximate equation for the fractional changes
in 𝑃 − 𝐸 with warming:


 
𝜕𝑞
𝜕
(𝛿𝑤)
𝑤 (𝛿𝑞)
𝜕𝑧
𝜕𝑧
𝛿(𝑃 − 𝐸)
=−
−
.
(6)
(𝑃 − 𝐸)
(𝑃 − 𝐸)
(𝑃 − 𝐸)
Here, 𝛿𝑋 refers to a difference between simulations at
successive background SSTs for fixed relative SST, and
we have neglected terms that involve the product of such
differences.
The first term on the right-hand side of (6) gives the
dynamic component of the fractional change in (𝑃 − 𝐸),
and it depends on changes in the circulation 𝛿𝑤. The
second term gives the thermodynamic component, and it
depends on changes in moisture 𝛿𝑞.
Figure 3 shows the three terms in (6) for both the WTG
and DGW parameterization schemes and across the range
of background SSTs simulated. In most cases, the net pre-
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3) Temperature
The large-scale vertical velocity parameterized by the
WTG and DGW methods is governed by the temperature difference between the ascent region and the reference
state. According to the WTG parameterization, 𝑤(𝑧) depends directly on the difference between the temperature
of the domain and the reference state via (1). In the DGW
parameterization, 𝑤(𝑧) is governed by the difference in
virtual temperatures of the domain and the reference state
through an elliptic partial differential equation. In both
cases, the temperature anomaly Δ𝑇 (𝑧) = 𝑇 − 𝑇ref plays a
key role in determining the parameterized vertical velocity
profile.
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cipitation rate (𝑃 − 𝐸) increases with warming, but this is a
result of a competition between a positive thermodynamic
component and a negative dynamic component. The thermodynamic component (green bars) has a magnitude of
about 12% K−1 for the WTG simulations and about 8%
K−1 for the DGW simulations across the range of background SSTs simulated. In previous studies, the thermodynamic component has been found to roughly follow the
fractional increase of near-surface saturation specific humidity with warming (Held and Soden 2006), which for
typical tropical surface temperatures is around 7% K−1 .
While the DGW simulations are consistent with this expectation, the thermodynamic increase in (𝑃 − 𝐸) in the
WTG simulations is substantially larger. This is because
the expression for the thermodynamic component involves
an integral of the fractional change of the vertical specific humidity gradient weighted by the vertical velocity
profile. For the WTG case, 𝑤(𝑧) is strongly upper troposphere amplified, and the thermodynamic component
follows the higher fractional increase of moisture in the
upper troposphere. While the profile of 𝑤(𝑧) in the DGW
simulations is also top-heavy, it still has substantial weight
in the lower troposphere, leading to a value of the thermodynamic component closer to the fractional increase in
surface saturation specific humidity.
For both the WTG and DGW cases, the dynamic component is negative across the range of background SSTs
simulated (yellow bars on Fig. 3). This may initially be
surprising because the magnitude of the maximum of 𝑤(𝑧)
increases monotonically with background SST. But it may
be explained by noting that the fractional changes of 𝑤(𝑧)
are weighted by the vertical gradient of specific humidity
in the expression for the dynamic component. In our simulations, and in the tropics more generally, humidity and
its vertical gradient are largest near the surface, where the
vertical velocity decreases with warming (Fig. 2). Thus,
understanding the profile of the large-scale vertical velocity and its changes with warming is of vital importance
for understanding the effect of large-scale dynamics on
precipitation changes in our simulations.
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Fig. 4. Profiles of temperature anomaly Δ𝑇 (𝑧) for the (a,b) CRM
& (c,d) ZBP models and for the DGW (left; a,c) & WTG (right; b,d)
parameterizations. Lines correspond to parameterizations at different
background SSTs as labelled in (d) with a fixed relative SST of 1 K.

Figure 4(a,b) shows that the temperature anomaly Δ𝑇 (𝑧)
is negative in the lower troposphere for both the WTG
and DGW simulations. This implies that the domain is
cooler than the reference state in the lower troposphere,
despite the fact that the SST is higher in the domain than in
the reference state. In both cases, Δ𝑇 gradually increases
with height, becoming positive in the mid-troposphere and
reaching a maximum near the tropopause. The temperature anomalies also show a decrease in the lower to mid
troposphere and a stronger upper-troposphere amplification with warming. Since the profile of Δ𝑇 (𝑧) is directly
related to the top-heaviness of the vertical velocity profile
𝑤(𝑧), understanding the changes in vertical velocity with
background SST, requires an understanding of the temperature profiles of both the ascent region and the reference
state. In the next section, we use a simple conceptual model
for the thermal structure of the atmosphere to explore the
factors controlling Δ𝑇 (𝑧) in our simulations. Based on
this, we will use (1) and (2) to investigate the implications
for the vertical velocity profile 𝑤(𝑧).
3. Zero Buoyancy Plume Model
a. Model description
A common assumption in theoretical studies of the tropical circulation is that the lapse rate of the atmosphere remains close to that of a moist adiabat (e.g., Neelin and
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Zeng 2000; Emanuel 2007; Levine and Boos 2016) Indeed, observational studies suggest that moist convective
neutrality is a reasonable first-order approximation for the
tropical mean state (Xu and Emanuel 1989). However, both
modeling (Singh and O’Gorman 2013) and observational
(Schiro and Neelin 2019) evidence is accumulating that the
tropical tropospheric temperature deviates from that associated with an undilute parcel ascent (i.e., a moist adiabat)
and instead is better represented by the temperature of a
rising air parcel that entrains environmental air.
To account for the effects of entrainment on the tropical
thermal structure, Singh and O’Gorman (2013) developed
the zero buoyancy plume (ZBP) model in which convection is represented by an entraining plume that is assumed
to remain neutrally buoyant with respect to the environment. Singh and O’Gorman (2013) used the ZBP model
to provide a simple estimate of the thermal structure of the
atmosphere in RCE. Here, we will use it to estimate the
temperature profiles 𝑇 (𝑧) and 𝑇ref (𝑧).
As shown by Romps (2014), the assumption of neutrality
with respect to an entraining plume allows one to write an
approximate equation for the lapse rate Γ = −𝜕𝑧 𝑇 within
the troposphere given by
Γ = Γ𝑚 +

where

𝜖 𝐿 𝑣 𝑞 sat (1 − R)

,
𝐿 2𝑣 𝑞 sat
𝑐𝑝 1+
𝑐 𝑝 𝑅𝑣 𝑇 2


𝑞sat 𝐿 𝑣
𝑔 1 + 𝑅𝑑 𝑇
Γ𝑚 =
𝑐 𝑝 1 + 𝑞sat 𝐿𝑣2
𝑐 𝑅 𝑇2


𝑝

(7)

(8)

𝑣

is the moist adiabatic lapse rate, 𝑇 and 𝑞 sat are the temperature and saturation specific humidity, respectively, of both
the plume and the environment at a given level, 𝜖 is the
fractional rate of entrainment of environmental air into the
plume, R is the relative humidity of the environment and
𝑅 𝑑 and 𝑅 𝑣 are the gas constants for dry air and water vapor, respectively. Here we have neglected virtual effects so
that the zero-buoyancy plume (ZBP) assumption amounts
to the assumption of equal temperature in the plume and
its environment. Given the relative humidity, temperature
and pressure at a given level, (7) gives the lapse rate as a
function of the entrainment rate 𝜖. According to (7), the
key factors controlling the deviation of the lapse rate from
moist adiabatic are the saturation deficit of the environment
𝑞 sat (1 − R) and the entrainment rate 𝜖; as the environment
approaches saturation or the rate of entrainment decreases,
Γ becomes smaller, resulting in a more stable troposphere
[Γ → Γ𝑚 when 𝑞 sat (1 − R) → 0 and 𝜖 → 0].
For a given profile of relative humidity R (𝑧), the ZBP
model may be used to derive the full temperature profile in
the following way. First, a mid-tropospheric level is chosen
at a height 𝑧 0 , with temperature 𝑇0 and pressure 𝑝 0 . We

then integrate (7) and the equation for hydrostatic balance
downwards to the cloud base [here taken as 𝑧 LCL = 500 m,
roughly representing the lifting condensation level (LCL)]
and upwards to the tropopause, above which an isothermal
stratosphere is imposed. The integration is performed using the fourth-order Runge-Kutta method with a variable
step-size, given by the spacing of the vertical grid in the
CRM. Below the LCL, the temperature is determined by
assuming constant dry static energy.
To apply the ZBP model to the CRM results presented
in the previous section, we choose the level 𝑧 0 = 7 km, and
we take the relative humidity profile R (𝑧), temperature
𝑇0 and pressure 𝑝 0 at 𝑧 = 𝑧 0 as being given by the time
and domain mean from the corresponding simulation. We
further set the tropopause to be the level at which the
temperature is equal to the temperature at the tropopause
in the corresponding simulation. Finally, we set 𝜖 = 0.7
km−1 so that the temperature profiles from the ZBP model
roughly match the corresponding time- and domain-mean
temperature profiles from RCE simulations at the same
SST.
With the above procedure, we may use the ZBP model
to provide estimates of the temperature profiles 𝑇 (𝑧) and
𝑇ref (𝑧) corresponding to the mean profiles of the ascent
region and the reference state for the different combinations of relative and background SST simulated with the
CRM. Based on these profiles, we may calculate the temperature anomaly Δ𝑇 (𝑧), and by applying (1) and (2), we
may also derive ZBP model-based estimates of the largescale vertical velocity profile 𝑤(𝑧) for each case shown in
the previous section. Consistent with the neglect of virtual
effects above, we replace virtual temperatures with temperatures in (2) when calculating the vertical velocity. Below
we compare these estimates to the results of the CRM, and
we use the ZBP model to interpret the physical processes
driving the changes in 𝑤(𝑧) with increasing background
SST.
b. Results
We begin by comparing the temperature anomaly profiles Δ𝑇 (𝑧) from the ZBP model to those of the CRM
simulations. As seen in Fig. 4, the simulated profiles of
Δ𝑇 (𝑧) are qualitatively well reproduced by the ZBP model.
In both cases, Δ𝑇 (𝑧) is negative in the lower troposphere
for both the WTG and DGW parameterizations and gradually increases with height to a maximum just below the
tropopause (Fig. 4). The negative values of Δ𝑇 (𝑧) near the
surface are unexpected given that the temperature anomaly
at 𝑧 0 , imposed by setting 𝑇0 in the ZBP model, is positive.
As mentioned in the previous section, near-surface values
of Δ𝑇 < 0 indicate that the boundary layer of the ascent
region is cooler than the reference state.
To examine the factors that control Δ𝑇 (𝑧) in the ZBP
model, we use (7) to write an approximate expression for
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its vertical gradient 𝜕𝑧 Δ𝑇,

15

𝜖 𝐿 𝑣 𝑞 sat (R − R ref )

 ,
= Γ𝑚,ref − Γ𝑚 +
2
𝑐 𝑝 1 + 𝑐𝐿𝑣𝑅𝑞sat
2
𝑇

(9)

10

5

𝑣

where the subscript "ref" gives a variable evaluated in the
reference state, and, for ease of interpretation, we have
neglected the temperature difference between the ascent
region and the reference state in the last term on the righthand side. According to (9), the vertical gradient of Δ𝑇 (𝑧)
is controlled by two effects: an effect owing to the temperature dependence of the moist adiabatic lapse rate (first two
terms on the right-hand side), and the effect of entrainment,
which depends on the difference in environmental humidity
between the ascent region and the reference state (last term
on the right-hand side). Since Γ𝑚 decreases with temperature, the temperature dependence of the moist adiabatic
lapse rate causes 𝜕𝑧 Δ𝑇 to increase where Δ𝑇 itself is positive. The larger effect, however, is that due to entrainment;
since the simulated relative humidity profiles are provided
as input to the ZBP model, and since R (𝑧) (represented by
the WTG/DGW simulations) is higher than R ref (𝑧) (represented by the RCE simulations) (Figure 5a), the lapse
rate is closer to a moist adiabat in the ascent region than
in the reference state. This means that the ascent region is
more stable than the surrounding atmosphere, resulting in
the temperature anomaly Δ𝑇 (𝑧) increasing strongly with
height, and leading to negative values of Δ𝑇 (𝑧) at low
levels. The ability of the ZBP model to qualitatively reproduce the simulated Δ𝑇 (𝑧) profiles provides confidence
that this physical explanation is relevant to the CRM.
As the background SST is increased, the profiles of
Δ𝑇 (𝑧) become more upper-troposphere amplified according to both the CRM and ZBP model (Fig. 4). Once
again, this may be understood by examining (9). As the
atmosphere warms, the saturation specific humidity 𝑞 sat increases, causing the effect of entrainment on the lapse rate
to become larger (Singh and O’Gorman 2013), thereby
causing 𝜕𝑧 Δ𝑇 to increase. Variations in the relative humidity difference R − R ref with warming (Fig. 5b & c)
modulate this increase, but calculations of the ZBP model
with the relative humidity profiles fixed to their value at a
background SST of 300 K (not shown) indicate that this
is a minor effect. We may therefore conclude that, for the
ZBP model, the variation in the shape of the Δ𝑇 (𝑧) with
background SST is primarily a result of the increase in the
tropospheric saturation deficit with warming following the
Clausius-Clapeyron relation, which leads to an increase in
the effect of entrainment on the lapse rate of a neutrally
buoyant plume.
Fig. 6 replots the vertical velocity profiles simulated by
the CRM, originally shown in Fig. 2 (a) & (b), and com-
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Fig. 5. (a) Simulated relative humidity profiles for the RCE reference
state with a background SST of 300 K and the corresponding DGW
and WTG cases with a relative SST of 1 K. Difference between relative
humidity profiles in the (b) DGW and (c) WTG simulations compared
to those of the reference state at different background SSTs as labelled
and with fixed relative SST of 1 K.

pares them to those predicted by the ZBP model for both the
DGW and WTG parameterizations. The ZBP model reproduces a number of key features of the simulated vertical
velocity profiles and their behaviour with increased background SST, including their top-heavy structure and the
“upward shift" of the profiles with warming. Specifically,
the ZBP model reproduces the increase in the maximum
value of 𝑤(𝑧) and concurrent decrease in 𝑤(𝑧) at low levels
seen in the CRM simulations with increasing background
SST. For the DGW case, the ZBP model predicts downward
motion (𝑤(𝑧) < 0) at low levels for the highest SSTs; this
is qualitatively consistent with the simulations, although,
for the ZBP model, the strength of the descent is sensitive
to the treatment of the tropopause. In the case shown, the
ZBP model substantially overestimates the strength of the
simulated large-scale descent. But if the tropopause in the
ZBP model is set based on the height of the tropopause in
the corresponding simulation 𝑧 𝑡 (rather than its temperature), this overestimation is reduced. Notwithstanding this
sensitivity, these results highlight the utility of the ZBP
model for understanding the factors controlling the future
changes to large-scale tropical circulations
As described previously, the vertical velocity profile
𝑤(𝑧) is determined largely by the temperature anomaly profile Δ𝑇 (𝑧), which according to the ZBP model is strongly
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for the WTG parameterization. This is related to an overestimation of the temperature anomaly Δ𝑇 (𝑧) in the upper
troposphere (Fig. 4), which by (1) leads to an overestimation of 𝑤(𝑧) at these levels. A likely reason for this
overestimation is that the ZBP approximation fails in the
upper troposphere, where the assumption of convective
neutrality is less well justified (Kuang 2008b; Tulich and
Mapes 2010). Despite this caveat, the simple ZBP model
has been shown to replicate key results from our idealized
CRM simulations, including some of the effects of uniform
warming on the profile of large-scale ascent. This suggests
the potential utility of the ZBP model for analyzing largescale tropical circulations under more realistic conditions
(e.g., in global climate models).
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Fig. 6. Profiles of parameterized large-scale vertical velocity 𝑤 (𝑧)
according to the (a,b) CRM & (c-f) ZBP model at different background
SSTs as labelled with fixed relative SST = 1 K for the DGW (left) &
WTG (right) parameterizations. Here, (c,d) shows profiles with positive entrainment (𝜖 = 0.7 km−1 ) and (e,f) shows profiles with zero
entrainment (𝜖 = 0 km−1 )

influenced by entrainment. To quantify the effect of entrainment on the vertical velocity profile, we compare our
results for the ZBP model above with the special case of
𝜖 = 0 km−1 . When entrainment is neglected, the lapse rate
of the plume remains equal to the moist adiabatic lapse
rate (Γ = Γ𝑚 ) and no longer depends on the environmental
humidity. In this case, the profiles of 𝑤(𝑧) do not show a
decrease with warming in the lower troposphere in either of
the DGW and WTG parameterizations (Fig. 6e & f), contrary to the behavior of the ZBP model with entrainment
included and the behavior of the simulations. Given the
importance of the low-level vertical velocity in the decomposition of net precipitation presented in section 2d, this
suggests that convective entrainment may play an important role in determining precipitation responses to future
global warming.
A limitation of the ZBP model is that it overestimates
the peak magnitude of the vertical velocities, particularly

We have used a simple modelling technique to investigate how tropical large-scale circulations coupled to convection behave in a warming climate. A cloud resolving
model (CRM) is used to simulate the ascending region of
such a circulation in which the model domain is assumed to
have a higher SST than that of a reference state representing
the tropical mean. The profile of large-scale ascent is then
parameterized by the WTG and DGW methods. A number
of studies have used this technique to examine changes in
the parameterized circulation as the SST in the domain is
increased relative to that of the reference state (localized
warming; e.g., Wang and Sobel 2011; Daleu et al. 2012;
Raymond and Zeng 2005). Our purpose is to use the same
framework to study the changes in the vertical velocity of
the ascent region due to an equal increase in the SST of
the domain and the reference state (uniform warming). We
found that, while the magnitude of the peak vertical velocity increases with warming, the strength of the ascent in the
lower to mid-troposphere decreases with warming. This
translates to a negative dynamic contribution to changes
in net precipitation (precipitation minus evaporation) in
the ascent region because the vertical gradient of specific
humidity is highest near the surface and decreases with
height. These results lead us to conclude that the nature
of the large-scale vertical velocity profile and its behaviour
under warming are crucial when considering dynamic contributions to changes in precipitation.
In the WTG and DGW parameterization schemes, the
vertical velocity is related to the temperature difference between the ascending column and the reference state. This
allowed us to use a simple model of tropical temperature profiles based on the assumption of neutrality with
respect to an entraining plume to help understand the simulated changes in vertical velocity. According to this zerobuoyancy plume model, the effect of entrainment causes
the lapse rate within the troposphere to decrease with the
environmental relative humidity. In the simulations, the
ascent region is moister than the background reference
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state, and this leads to a temperature anomaly profile that
increases with height, and ultimately a top-heavy vertical
velocity profile.
As the atmosphere warms, the effect of entrainment increases with the saturation specific humidity (Singh and
O’Gorman 2013), and this helps to explain the increase in
the top-heaviness of the simulated vertical velocity profiles
under warming. In particular, we showed that the effect
of entrainment was key to understanding the decreases in
the large-scale vertical velocity at low-levels that drive the
dynamic response of net precipitation to warming; when
the ZBP model was run without entrainment, no such decreases were found.
When entrainment is set to zero, the ZBP model assumes moist adiabatic lapse rates within the troposphere,
and the model has some similarities to the theory of Quasiequilibrium (QE) dynamics that has been used in a number of previous studies of the tropical atmosphere (Neelin
and Zeng 2000; Levine and Boos 2016; Wills et al. 2017;
Emanuel 2007). In the QE framework, the vertical velocity profile is represented by a single first-baroclinic mode
structure function; we show in a companion paper that this
structure function is closely related to the solution for 𝑤 obtained by setting 𝜖 = 0 in the ZBP model (Singh and Neogi
2021). The importance of entrainment in our results therefore points to possible limitations of the QE framework for
estimating future changes in regional precipitation.
Despite its ability to qualitatively reproduce the results
of the CRM simulations, the ZBP model results differ quantitatively from those of the CRM in important ways. For
example, in the DGW simulations, the ZBP model predicts downward motion in the lower troposphere of larger
magnitude than the CRM. These negative vertical velocities are associated with negative temperature anomalies
that arise in this region. While the appearance of negative temperature anomalies is surprising in itself (given
the positive temperature forcing applied in both models),
these negative anomalies are more pronounced in the ZBP
model than the CRM. Sensitivity analysis suggests that,
for the case of the ZBP model, the strength of the lowertropospheric downward motion depends on the height to
which the convective plume extends through the definition
of tropopause. Further investigation of this sensitivity is
left for future study.
The ZBP model also overestimates the magnitude of the
peak vertical velocity, particularly in the WTG simulations.
This is likely related to the failure of the assumptions of
the ZBP model in the upper troposphere (Kuang 2008b),
where the maximum in vertical velocity occurs. Another
limitation of our implementation of the ZBP model is that
we have considered the entrainment rate to be fixed both
in height and with surface temperature. More realistic
implementations might use an entrainment rate dependent
on height, or a more sophisticated multi-plume model with
a spectrum of entrainment rates (Zhou and Xie 2019). In

principle, the rate of entrainment may also be affected
by warming; investigating this possibility is an important
avenue for future work.
In this work, the ZBP model takes as an input the relative
humidity from the CRM simulations. Previous studies
have extended the ZBP model to allow for a prediction
of the relative humidity in the setting of RCE (Romps
2014) and with a specified vertical velcocity profile (Singh
et al. 2019; Romps 2021). In an accompanying work,
the authors develop a closed model of the thermodynamic
and dynamic structure of a region of large-scale ascent by
applying the model of Singh et al. (2019) and coupling it
to the large-scale vertical velocity using the WTG/DGW
parameterization methods (Singh and Neogi 2021).
The weak-temperature gradient and damped gravity
wave parameterization methods are based on the approximation of negligible horizontal temperature gradients in
the tropics due to redistribution of buoyancy anomalies by
gravity waves. These methods have been used extensively
to represent large-scale circulations in limited area models
in both idealized (Sobel and Bretherton 2000; Wang and
Sobel 2011; Raymond and Zeng 2005; Daleu et al. 2015,
2012, 2017) and realistic (Wang et al. 2016) configurations. However, there remain limitations in the ability of
such SDS parameterizations to capture the full response of
the atmosphere to global warming. For example, Saint-Lu
et al. (2020) found that a single-column model coupled
to the WTG and DGW parameterizations could reproduce
important features of the precipitation response of the parent general circulaton model (GCM) to global warming.
However, the single-column model failed to capture an
overall weakening of the circulation found in most GCM
projections (Knutson and Manabe 1995; Ma et al. 2012),
and the authors attributed this to a lack of interaction between ascent and descent regions when the circulation is
parameterized. To capture such interaction between the
different components of the large-scale circulation requires
the entire circulation to be resolved. Formulations like the
mock-Walker cell (Kuang 2012), in which an SST gradient
is imposed on a long-channel domain, provide a possible
avenue to explore the effects of uniform warming on largescale tropical circulations in a more complete, yet suitably
simple, framework. Studies of such formulations provide a
potential stepping stone toward understanding the tropical
circulation in its full complexity.
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